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On the effect of a low viscosity asthenosphere on the temporal
change of the geoid—A challenge for future gravity missions
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Abstract

New satellite technology to measure changes in the Earth’s gravity field gives new possibilities to detect layers
of low viscosity inside the Earth. We used density models for the Earth mantle based on slab history as well as on
tomography and fitted the viscosity by comparison of predicted gravity to the new CHAMP gravity model. We first
confirm that the fit to the observed geoid is insensitive to the presence of a low viscosity anomaly in the upper mantle
as long as the layer is thin (∼200 km) and the viscosity reduction is less than two orders of magnitude. Then we
investigated the temporal change in geoid by comparing two stages of slablet sinking based on subduction history
or by advection of tomography derived densities and compared the spectra of the geoid change for cases with and
without a low viscosity layer, but about equal fit to the observed geoid. The presence of a low viscosity layer causes
relaxation at smaller wavelength and thus leads to a spectrum with relatively stronger power in higher modes and
a peak around degrees 5 and 6. Comparing the spectra to the expected degree resolution for GRACE data for a 5
years mission duration shows a weak possibility to detect changes in the Earth’s gravity field due to large scale
mantle circulation, provided that other causes of geoid changes can be taken into account with sufficient accuracy.
A discrimination between the two viscosity cases, however, demands a new generation of gravity field observing
satellites.
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1. Introduction

Density variations in the Earth’s mantle in excess of a purely radial distribution cause solid state
viscous flow of mantle rocks which leads to plate tectonics, volcanism and earthquakes. To understand
quantities such as flow pattern, dynamic topography, or the state of stress transmitted to the base of the
lithosphere, the viscosity profile of the mantle has to be known. From postglacial rebound observations
(e.g.Mitrovica, 1996), as well as laboratory studies on mantle rocks under high temperature and pressure
conditions an average value of 1021 Pa s is well established for the upper part of the mantle (e.g.Ranalli,
1995). However, postglacial rebound studies mainly probe continental shield regions and may not give
representative values on a global scale at least for the upper 250 km, and laboratory data suffer from the
unknown amount of water present in olivine which has a pronounced effect on the viscosity(Hirth and
Kohlstedt, 1996).

In several studies during the last two decades it was attempted to determine the viscosity profile within
the Earth from a combination of internal density data sets, in most cases deduced from tomography,
and gravity potential coefficients. The long wavelength equilibrium figure of the Earth, the geoid, is
characterized by undulations on the order of a few tens of meters. This shape of the Earth can be well
explained by density variations throughout the mantle mainly due to plate subduction, and the dynamic
response of a viscous Earth. The dynamic response causes boundary mass anomalies (i.e. dynamic
topography) which add to the internal density anomalies and the sum can be positive or negative for the
same internal driving density anomalies depending on the viscosity. In most of these studies the viscous
Earth was modeled as a number of self-gravitating spherical shells for which the equations of motion can
be solved analytically for a radially stratified viscosity (e.g.Richards and Hager, 1984).

Various types of modeling included petrological phase boundaries in the mantle, surface plate velocities
(e.g.Ricard et al., 1989; Forte et al., 1991) or mineral physics (e.g.Steinberger and Calderwood, 2001;
Forte and Mitrovica, 2001) to derive density from seismic tomography. The various authors generally
agree that the viscosity increases by 1–2 orders of magnitudes throughout the mantle (e.g.Lithgow-
Bertelloni and Richards, 1998). Steinberger and Calderwood (2001), however, found a gradual increase
by almost a factor of 1000. Whether the increase is predominately gradual or stepwise from the upper to
the lower mantle is still debated.

Internal density distributions have been deduced from a slab sinking model taking into account the
crustal creation rate for the last 100 Ma from ocean floor age data (e.g.Ricard et al., 1993), or from seismic
s- or p-wave tomography. Tomography gives the spatial distribution of anomalies of seismic s- or p-wave
velocities in comparison to a radial standard Earth model. A principal problem in all these studies is the
uncertainty in the relationship between seismic velocity and density�ρ

ρ
= ∂ ln ρ

∂ ln v
�v
v

. Laboratory studies on
mantle rocks give a roughly constant conversion or scaling factor∂ ln ρ

∂ ln v
between 0.2 and 0.4 assuming

only thermally induced density variations(Karato, 1993). However, an increasing number of more recent
studies (e.g.Forte and Perry, 2000; Marquart, 2005) favor a depth dependent scaling factor, based on the
assumption of mineral phase changes in the mantle and possible chemical differentiation.

For studying the dynamics of plate motions, in particular due to the transmission of stress from the
mantle to the lithosphere, the viscosity in the uppermost mantle below the lithosphere (i.e. at a depth
range between 100 and 300 km) is of primary interest. While for continents, at least in shield areas, deeply
situated high viscosity roots have been proposed in agreement with seismological findings, for oceanic
and active continental areas an effective decoupling zone below the plates is very likely. Indications for
low viscosities below 100 km beneath the Pacific ocean have been reported by e.g.Wieland and Knopoff
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(1982)using Rayleigh wave dispersion data. This is also in agreement with laboratory data for dunite at
mantle temperatures and stresses between 1 and 10 MPa for which viscosities as low as 1017 Pa s have
been extrapolated if water is present(Chopra and Paterson, 1984). These findings support a viscosity
drop by 1–2 orders of magnitudes (relative to a value of 1021 Pa s) below 100 km depth, at least outside
continental shield regions. However, it has been shown before and will be demonstrated here that the
resolution for such a low-viscosity asthenospheric layer is poor when modeling the observed geoid. On
the other hand, since such a layer has a pronounced effect on the relaxation of the Earth due to changes in
loading, the temporal variations of the geoid are sensitive to the presence of a low viscosity decoupling
layer.Cadek and Fleitout (2003)showed that the fit to the geoid can be further improved by allowing
lateral viscosity variations. The viscosity field that results from their optimization makes intuitively sense
(i.e. low viscosity under ridges, high under continents). Here we do not wish to include lateral viscosity
variations in order to keep things simple.

The GRACE satellite project has a designed mission duration of 5 years and will for the first time
allow to investigate the temporal variations of the Earth gravity potential field with high resolution. Here
we investigate the effect of a low viscosity layer in the upper mantle on temporal variations of the geoid
and the possibility to discriminate between different models with GRACE observation data. We used two
different mantle density models, one based on a slab sinking model(Ricard et al., 1993)and one on a
recent tomography model (s20rts,Ritsema and van Heijst, 2000), and two alternative viscosity profiles,
one with and one without a low viscosity asthenosphere, both providing a good fit to the observed (static)
CHAMP geoid(Reigber et al., 2002).

Since the model based on the time evolution of sinking slablets is of more idealized nature, one may
prefer a tomography model as a better representation of observations and closer to reality. However, the
amplitudes of tomography models are strongly affected by parameterization, damping and irregular data
coverage. Especially around the mantle transition zone (400–800 km) coverage is poor (e.g.Ritsema et
al., 2004). Because of these tradeoffs, we consider both models here.

2. The static models—fitting the observed geoid

Our analysis is based on deriving geoid kernels (or mantle response functions) for a given viscosity
depth profile. The kernels have been calculated with a code developed by Ricard (e.g.Ricard et al., 1993)
for an incompressible mantle and self-consistent “incompressible” gravity.

For the mechanical boundary at the surface we used a free slip condition. It has been shown (e.g.Hager
and Richards, 1989) that the long wavelength features of the geoid can well be reproduced with this
simple condition and a laterally uniform lithosphere as long as the lithosphere viscosity is in the range
of 10–100 times the upper mantle viscosity. It should be noted that this condition does not successfully
reproduce surface plate motion. The problem of simulating observed plate motion or incorporating it
in the model approach has led to ambiguous results in a number of studies.Karpychev and Fleitout
(1996)tested various methods, such as weak zones, force balance, and imposed plate motion, to include
the effect of plate tectonics in the predicted geoid and conceived the latter method by far the best way.
However, if this approach leads to an improved fit of the modeled geoid to the observed one is still an
open question.Cadek and Fleitout (1999)achieved a geoid variance reduction of 75% for these kinematic
boundary conditions and partial layering, which is similar to fits achieved under free-slip upper boundary
conditions. Other studies however (e.g.Ricard et al., 1989; Thoraval and Richards, 1997) could not find



496 G. Marquart et al. / Journal of Geodynamics 39 (2005) 493–511

an improved fit to the observed geoid. The fit was comparable to that obtained for no slip condition, but
not as good as found for free slip. In a newer study byZhong and Davies (1999)the authors consider the
inclusion of plate motion as a surface condition meaningful only in conjunction with laterally strong and
weak zones in the lithosphere. In this study we decided to use free slip conditions for a kernel approach
with merely vertical viscosity variations.

The kernels describe the geoid produced in a viscous Earth by a unit mass anomaly of a given zonal
spherical harmonic at a given depth. The mathematical expression to derive the kernelsGl (r, µ(r)) itself
is lengthy and will not be repeated here, it can be found inRichards and Hager (1984)andRicard et al.
(1984). The spherical harmonic coefficients of the model geoidN

c,s
lm are found by multiplying the kernels

with the density contrast�ρ
c,s
lm

N
c,s
lm = 4πγa

g(2l + 1)

∫ a

CMB
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lm (r) dr (1)

γ is the gravitational constant,g the gravity acceleration of a spherical reference Earth comprising a
constant density mantle and core,a the Earth radius, CMB the core radius. The (fully normalized) modeled
geoid can then directly be computed from theN

c,s
lm by a spherical harmonic synthesis and compared to

observations. A measure for the fit between the modeledNmod
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The variance reduction may be interpreted as the percentage of observed data satisfying the model
predictions.

Although the geoid kernels include the effect of the dynamic topography and kernels for dynamic
topography can easily be formulated, dynamic topography can hardly be used as an additional constraint.
The contribution of the dynamic topography to the observed topography on Earth is only poorly known,
since the contribution of the isostatically compensated crust and lithosphere is difficult to discern and
uncertainties are large and on the order of the signal itself(Panasyuk and Hager, 2000). The amplitude
of dynamic topography may be as high as 2 km(Panasyuk and Hager, 2000), but much lower amplitudes
around 0.5 km (Kaban, personal communication) have also been proposed.

The driving density distributions in the mantle have been deduced from a slab subduction history model
(SM) and a s-wave tomography model (TM). The slab sinking model for the last 100 Ma was derived by
Lithgow-Bertelloni(Ricard et al., 1993)defining subduction arcs and velocities over time and assuming
vertical material sinkers (slablets) at successive time intervals. Subduction velocity was reduced by a
factor 4.5 in the lower mantle, the excess density was set constant and later determined by the best fit to
the geoid, values are normally around 75 kg/m3 for a plate thickness of 100 km. For the tomography model
we used the model s20rts byRitsema and van Heijst (2000)which has proved to allow the best fit to the
observed geoid compared to other recent tomographic models(Marquart, 2005). The s-wave to density
conversion factor was assumed to be depth dependent and found by the fit between modeled and observed
geoid, as explained further down. Only for the results shown inFig. 1we used a constant conversion factor
of 0.24. This value was found by optimizing the fit for s20rts for a constant scaling factor. The mantle
was divided into 20 layers of equal thickness of 145 km and the densities were calculated at mid-layer
depth for each layer and expanded in spherical harmonics up to degree and order 20 and truncated for
degree and order 15 with a cosine taper applied over the five additional higher harmonics. For geoid and
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Fig. 1. Isolines ofΦ (variance reduction) for the CHAMP geoid and a modeled geoid based on a slab and a tomographic density
model for spherical harmonic degrees between 2 and 15. In the upper two diagrams a three layer mantle model was assumed and
the viscosity of the lithosphere and the lower mantle was varied in relation to the upper mantle viscosity. The lower diagrams
show the effect of an additional asthenospheric layer between 100 and 280 km; here the lower mantle viscosity was fixed to
40× 1021 Pa s. For the tomography model, the scaling factor is 0.24.

gravity we used the CHAMP gravity model(Reigber et al., 2002)reduced by the hydrostatic reference
figure of the Earth(Lambeck, 1988)and also truncated for spherical harmonicsL > 15 with a cosine
taper. The Champ gravity model was used since its error degree variances as a measure for the power of
the error are slightly smaller than those of the EGM96 gravity model(Amos and Featherstone, 2003)up
to L = 32. However, the small differences between various recent gravity models are not essential for
our study.

For the viscous Earth model we assumed for simplicity in the first instance a four layer model as given in
Table 1. Already with a simple three layer model where the asthenosphere has the same viscosity as
the upper mantle, a good fit to the observed geoid can be obtained for both the SM and the TM. To
demonstrate this well known fact, we show inFig. 1 (two upper diagrams) isolines ofΦ obtained by
varying lithosphere and lower mantle viscosity. A variance reduction to better than 70% is found if the
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Table 1
Depth of isoviscous Earth layers used for the fitting inFig. 1

Layer Depth (km)

Lithosphere 0–100
Asthenosphere 100–280
Mid mantle 280–670
Lower mantle 670–2900

viscosity of the lithosphere is by a factor 10–100 higher than the upper mantle viscosity and the viscosity
of the lower mantle is higher by 30 to 100 times. Including an additional asthenspheric layer, and a
viscosity in the lower mantle of 40× 1021 Pa s, results inΦ values given in the two lower diagrams in
Fig. 1. For realistic values of viscosity in the lithosphere, the ratio of asthenospheric to upper mantle
viscosity cannot be resolved and lies between 0.06 and 10. This long known dilemma was the reason for
us to look for temporal variations of the geoid with respect to asthenosphere viscosity. We also found that
the densities derived from the slab model allow a better fit to the observations with this simple approach
than the densities based on tomography. This is presumably due to the use of a constant scaling factor for
the fitting inFig. 1, assuming all seismic wave speed anomalies are of merely thermal origin.

In the next step we set up a six layer model with depth variable scaling factor for the tomog-
raphy derived densities and did a Monte Carlo search for two viscosity and scaling factor profiles
which allow an equally good fit to the observed geoid. For the Monte Carlo search first a regular
search grid was established between certain upper and lower limits for viscosity and scaling fac-
tor and then random picks were made around grid points of already high variance reduction. Alto-
gether about 106 different combinations of viscosity and scaling factor profiles were calculated. In
Table 2the layering of our model and the upper and lower limits for viscosity (µu, µl ) and conversion
factor (cu, cl ) are given.

In the first parameter set the viscosity in the three upper mantle layers was held constant and in the
second case a parameter space with a low-viscosity asthenosphere was searched. The first parameter set
was obtained by a search for the highest variance reduction to the observed geoid for a combination of
the slab model and the tomography model. To get that we determined the minimum

mini

〈( |Φi − Φmax,T|
Φmax,T

)
+
( |Φi − Φmax,S|

Φmax,S

)〉
(3)

Table 2
Depth of Earth layers and viscosity and scaling factor bounds used for the fitting of model M1 and M3 inFig. 2

Layer Depth (km) µl (Pa s) µu (Pa s) cl cu

Lithosphere 0–100 1022 1023 0 0.2
Upper mantle

Asthenosphere 100–280 1019 5 × 1021 0 0.2
Sub-asthenosphere 280–410 1019 5 × 1021 0.1 0.4
Transition zone 410–670 1019 5 × 1021 0.1 0.4

Lower mantle
Upper part 670–1150 5× 1021 5 × 1022 0.2 0.4
Lower part 1150–2800 1022 1023 0.2 0.4
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The indexes T and S indicate the tomography and the slab model,Φmax,S andΦmax,T are the maximum
variance reduction obtained for the tomography and the slab model, respectively, and the indexi is over
all Monte Carlo parameter combinations.

This setup gives correlation values between modeled and observed geoid of∼83% for the tomography
derived density and∼88% for the slab density model and variance reductions of 70 and 77%, respectively.
For the second parameter set (seeTable 2) we allowed three independent layers in the upper mantle. It
turned out that there exists also a tradeoff between the viscosities in the asthenosphere and the upper
mantle layer beneath, in the way that the correlation to the observed geoid varies only by about 1%
for a variation of the asthenosphere viscosity over 1.5 magnitudes. In fact, since in the second case the
parameter space is larger we achieved for the best parameter sets a slightly better fit than in the first
case (the variance reduction for the slab model remained the same, for the tomography-based model a
maximum value of 72% was obtained).

A variance reduction of 70% or more is assumed to represent a model compatible with the long-
wavelength geoid (e.g.Cadek and van den Berg, 1998). Variance reduction is generally better for slab
based density models. However, with the synthetic tomography model smean(Becker and Boschi, 2002),
obtained by averaging over a number of tomography models and more mantle layersSteinberger and
Holme (2002)got a variance reduction of up to 81%.

For the tomography model alone the best parameter set even indicated a weak increase in viscosity for
the asthenosphere layer. However, the best fit for a combination of both, tomography and slab model, in
the sense of Eq.(3) points to a reduction in asthenospheric viscosity. Since here we are mainly interested
in the effect of a low viscosity asthenosphere, we choose a parameter set which gives a slightly worse
fit than the best one in sense of Eq.(3), but which still has nearly the same correlation value as for
the constant viscosity upper mantle case and allows a viscosity reduction by a factor of 0.015 in the
asthenosphere. The viscosity and scaling factor profiles which we used are shown inFig. 2. It should be
mentioned however, that keeping the scaling factor profile from the first parameter set and only adding a
low viscosity layer to the viscosity profile would have resulted in a strongly reduced fit to the static geoid
with the second parameter set.

We did not explicitly specify a low viscosity layer at the core-mantle boundary, since we assumed for
the model approach already a free slip boundary. We are aware that with a low-viscosity layer near the
CMB results might be slightly different, since in this case CMB topography is smaller, which also gives a
contribution to the geoid at very long wavelengths. However, to keep the model simple we did not include
an additional layer.

Our viscosity profile for case M1 resembles very much the profiles found byRicard et al. (1993)and
Corrieu et al. (1995)obtained by similar studies to predict the long wavelength geoid. Viscosity model
M3 is more similar to profiles resulting from some studies predicting postglacial rebound signatures (e.g.
Lambeck et al., 1996). It is also in agreement with the assumption that the viscosity in the asthenosphere
may be reduced due to the geotherm being close to the melting curve, and possibly partial melting. In the
transition zone, a reduction of viscosity may be due to the presence of water (e.g.Kavner, 2003).

Note that the conversion factor does not change value at∼280 km for model M3 and at∼410 km
for model M1. This was not prescribed, but an outcome of our fitting procedure. The scaling factor for
model set M3 (dashed line inFig. 2) is low down to 410 km. While depth variations of the scaling factor
can well be explained by phase changes of different mineralogical mantle constituents, even in case of
perfect mixing, such a low scaling value implies that the existence of a low-viscosity asthenosphere is
only consistent with the gravity field observations if seismic wave speed velocities in this part of the
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Fig. 2. Viscosity and s-wave to density scaling factor profiles used for modeling temporal variations of the geoid. The solid
line gives a constant viscosity for the upper mantle (model M1) and the dashed line gives an alternative model with a low
asthenospheric viscosity (model M3).

mantle are at least partly due to chemical differentiation in the uppermost mantle, such as a chemically
distinct “tectosphere”. It is also noteworthy that for both models the conversion factor below the mantle
transition zone, in the uppermost lower mantle, is small. Since in the same region also seismic velocity
variations are generally weak, its low scaling factor reduces the effect on the density field even more,
separating upper and lower mantle density anomalies.

In Fig. 3the CHAMP geoid with respect to a hydrostatic Earth is compared to the modeled geoids for
the slab (model SM1) and the tomography derived densities (model TM1) forL = 2–15. The synthetic
geoids for the parameter setup M3 are not shown, since they are nearly identical to those given here.
The tomography based data better represent the geoid high over the W-Pacific, but the slab model better
matches the negative anomalies over northern Eurasia and N-America. The general good agreement
between the two modeled and the observed present-day geoid is due to the fact that the geoid is dominated
by the longest wavelengths of density anomalies which have a high correlation between the tomography
and the slab model, but for higher degrees the correlation becomes poor (e.g.Becker and Boschi, 2002).

To illustrate the different density distributions for the slab history and tomography-based models
we show inFig. 4 the degree power spectra (

∑l
m=0 �Nc2

lm + �Ns2
lm)1/2 of the density distribution for

both models at different depth. The density field derived from slab history (Fig. 4, upper part) is mainly
concentrated in the lower mantle. This is caused by the reduced sinking velocity below the transition zone
which results in increasing accumulation of slab material. Since slabs are relatively thin, spectral energy
increases towards higher degrees. On the contrary, tomography based density contrasts are concentrated
in the upper and lowermost mantle with a rather equal energy distribution over all degrees, beside a
preference for degree 2 anomalies mainly below 1600 km. Additionally a peak around degrees 5 and 6
can be found at various depths. Even though the overall density effect appears to be much stronger for the
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Fig. 3. Modeled geoids as produced by the tomography (TM1, top) and slab derived density (SM1, center) distribution for the
Earth model M1 (seeFig. 2) in comparison to the hydrostatic CHAMP geoid (bottom).
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Fig. 4. Power spectra of the density anomalies at various depths in the mantle based on slablet sinking (top) and the tomography
model s20rts(Ritsema and van Heijst, 2000). Note the different scaling of the lower mantle anomalies for the slab model.

slab-based model (note the larger range at they-axis below 1377 km), the spectral energy for degrees 2
and 3 are comparable. Since these modes have the main effect on the resulting geoid, also the maximum
geoid amplitudes are of the same order, as seen inFig. 3.

3. Temporal changes of the geoid

For the two Earth parameter sets and the two mantle density models we then derived the temporal
change in geoid. Our approach here is based on the assumption that convection in the Earth mantle is
time dependent. This is mainly motivated by the fact that the main driving force for convection, plate
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subduction, is not steady state, nor is seafloor spreading. While any mass distribution in the Earth’s mantle
results in an instantaneous convective response (described by the solution of the Navier–Stokes equation),
the time dependence arises due to advection and diffusion of density related heat or chemical composition.
Here we investigate advected density anomalies over a time span of 1 Ma, but neglect diffusion. This is
motivated by the fact that for length scales larger than 100 km and flow velocities in excess of 1 cm/a
the Peclet Number, describing the relative importance of advective to diffusive transport, becomes large
enough to neglect diffusion. If we assume time dependence, we can expect that density changes due to
diffusion are small compared to those due to advection everywhere except in the thermal boundary layers.
Thus, if within the time span considered only a small fraction of the total mantle is advected into or out
of thermal boundary layers, which is certainly the case for 1 Ma, diffusion can be ignored.

For the parameter set based on the slab subduction history model we compared the present geoid to
the geoid 1 Ma back in time (1 Ma less of subduction, i.e. 1 Ma less of sinking time for the slablets). We
consider that material subducted during the last 1 Ma is “added” at the top and material which reached
the CMB is “removed” from the model (i.e. by thermal or chemical assimilation). For the tomography
derived model we advected the related densities backward in time(Steinberger and O’Connell, 1997)
for 1 Ma, using mantle flow vectors computed with present-day plate motion boundary condition, and
other model assumptions as for the fit to the observed geoid. As discussed earlier, imposing plate motion
boundary conditions would not allow us to improve the fit to the geoid, however, it is most appropriate
for computing the actual flow and advection.

In Figs. 5 and 6we show the temporal geoid change based on the slab densities and the tomography
derived densities for the Earth model M1 (top) and M3 (bottom). The four resulting temporal variations of
the long wavelength geoid are quite different. A general finding from all models is that the change in geoid
has relatively more power in smaller wavelengths than the geoid itself. This is even more pronounced
for the tomography-based models. To illustrate this finding we have plotted inFig. 7 the degree power
spectra (definition see above), normalized by each maximum, for the observed geoid and for our four
modeled cases of temporal geoid change.

All models show a concentration of spectral energy around degrees 5–6 and 10. For the slab density
model, however, the spectrum of the change in geoid is still quite similar to the observed geoid spectrum,
indicating that low degrees of high power also change more rapidly and that the temporal change in geoid
is approximately proportional to the static amplitude, while for the tomography derived density model the
spectrum is nearly flat between degrees 5 and 15, indicating that in this spectral range all modes change
with about the same rate.

The explanation for the differences of the spectra of geoid changes between the two density models
is most likely due to temporal changes in upper mantle convection. Upper mantle density variations for
all degrees considered are relatively strong in the tomography-based model (Fig. 4, lower part) and lead
presumably to a time varying flow field. The related geoid changes are only weakly suppressed due to
their shallow origin. For the slab history based model high spectral energy of the density anomalies is
present in the deep mantle (Fig. 4, upper part), but the high viscosity allows only slow changes of the flow
field and the possible effect on the geoid changes is mainly attenuated since the place of origin is deep.

To illustrate this point somewhat further, we discuss the density changes in a particular area together with
the geoid kernels. The slope of the geoid kernels changes the sign a few times with depth, as a consequence,
small differences in the depth of density anomalies between the slab and the tomography model have a
pronounced effect on the predicted geoid change. Since for shorter wavelengths the agreement between
the two model geoids becomes less good, this leads to the rather different temporal geoid changes. To
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Fig. 5. Temporal geoid change in cm/Ma based on the slab subduction model(Ricard et al., 1993)and Earth parameters according
to setup M1 (top) and M3 (bottom).

illustrate the relation between density change and predicted geoid change in more detail we show inFig. 8
the temporal density change with depth averaged over a part of the East China Sea between 25◦ and 34◦N
and 125◦ and 134◦E. This area has relatively strong subduction related signal. The profiles for the temporal
density changes are given on the right side ofFig. 8, solid line for slab history model related densities
changes and dotted line for densities changed due to advection of the tomography related densities. The
advection was based on the viscosity profile M3 (seeFig. 2) for which we also show the geoid kernels
(used in Eq. (1)) for degreesl = 2, 4, 8, 12 (left side ofFig. 8). The slab density change profile is nearly
zero in the upper 1000 km, indication that no change in lateral slab position was included in the model for
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Fig. 6. Temporal geoid change in cm/Ma based on the tomography model s20rts(Ritsema and van Heijst, 2000)and Earth
parameters according to setup M1 (top) and M3 (bottom).

the last 1 Ma. The main density changes arise from cumulation of slab material in the lowermost mantle.
The tomography derived density changes are slightly negative in the uppermost mantle, where the ‘loss’
in density is presumably related to a change in slab subduction geometry over time due to trench roll
back. In the mid mantle clear temporal density changes occur in the tomography related density model.
We believe that this is caused by interactions of the slab with the mantle transition zone, reflected in the
tomography model. Also for the tomography based density model the strongest density changes are in the
deep mantle indicating accumulation of slab material close to the core-mantle boundary. If we compare
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Fig. 7. Degree power spectra of the geoid changes in comparison to the spectrum of the observed geoid (dotted line) to illustrate
the difference in spectral energy loss with increasing degree. For comparison all spectra are normalized by their maxima,
respectively. Dashed lines are for the models with slab history based densities and solid lines for the tomography derived
densities. The thick lines refer to viscosity profile M1 and thin lines to M3 (seeFig. 2).

the density change profiles to the geoid kernels it becomes obvious that the dominating effect for the
slab case arises for degree 2 from the lower mantle density accumulation, leading to a negative change of
geoid anomaly in this particular area. For the tomography-based models the effect due to deeply situated
density changes is less, instead the density changes close to the mantle transition zone produce a positive
geoid anomaly for various harmonic degrees, since all geoid kernel functions peak between 500 and
800 km. What we have discussed for this particular area is also true for many other subduction regions
and provides also the explanation for the relatively stronger power in higher modes of the power spectra
derived from the tomography models (Fig. 9, upper two plots) in comparison to the spectra based on the
slab densities (Fig. 9, lower two plots).

The slab history based models (Fig. 5, SM1 and SM3) are, as could be expected, dominated by the
subduction zone distribution, mainly due to the accumulation of slab material in the lower mantle roughly
beneath the subduction zone. The geoid rises at the subduction and over the attached plate and subsides
over the overriding plate. Nearly no change of the geoid is found in the Atlantic and over the African
plate. If we compare the slab history based model (Fig. 5) with the one based on tomography (Fig. 6) we
find that all models predict a rise of the geoid in the eastern US and the North Atlantic and in the Antarctic
region, and a subsidence in Central America and around India. Stronger disagreement is observed in the
central Pacific, here mantle flow related to the Hawaiian Plume and the Pacific Superswell can also be
expected to produce a changing density field in time and to cause a change in geoid. For the tomography
related density model (Fig. 6) we predict a clear temporal rise of the geoid for Hawaii but an uncertain
result for the SW Pacific. These plume signals cannot be expected in a purely slab driven model (Fig. 5)
since plume related density anomalies are simply not present.

The slab driven model (Fig. 5) produced a pronounced rise of the geoid seaward of the subduction
zones; this effect is also visible in the tomography-based models (Fig. 6) but to a much lesser degree. This
pattern is easy to understand by recalling the shape of the geoid kernels. Following the geoid kernels from
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Fig. 8. Comparison of temporal changes of density with depth (right side) to geoid kernels with depth for degrees 2–12 (left side)
(note that the factor4πγa

g(2l+1) is included in the kernels). Temporal density changes are shown for the tomography based densities
(right, dotted line) and for the slab history derived densities (right, solid line). Density changes were averaged over an area in
the East China Sea (see small figure above) between 25◦ and 34◦N and 125◦ and 134◦E. The density change profiles show for
both cases an accumulation of dense material at the lowermost mantle, giving rise to geoid anomalies of degree 2. Tomography
based density changes in the upper-lower mantle transition cause higher harmonic geoid anomalies.

a depth of∼100 km to bottom, the values first increase, then decrease and increase again. For sinking
slabs with trench rollback one should expect the following: close to the trench, where the slab is still at
shallow depth, a positive geoid change should occur, further away a negative change and even further
away a weak positive change. Thus stripes of changing sign are to be expected. This is exactly what we
found in the western Pacific in all of our models; due to obvious reasons more pronounced for the slab
derived densities. In regions with strong “vertical” density anomalies, expected for the “superplumes” or
for nearly stationary vertical subduction, the change in geoid is difficult to predict since here the exact
density distribution and changes in density distribution over depth are crucial. Since plate subduction
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Fig. 9. Spectra of the geoid change for a model with (right side) and without (left side) low viscosity layer at 200 km depth;
upper graphs are related to densities derived from tomography, lower graphs from a slab sinking model. All other parameters are
as shown inFig. 2. Also shown is the degree resolution expected for a 1 and 5 year GRACE satellite mission duration following
Kaufmann (2002)(thin solid and dashed line) and for 1 year flight duration accuracy according toWahr et al. (1998)(dotted
line).

provides both major density anomalies and a dominant driving force for mantle flow, the exact places
where the subducted plates are in time has a major effect on the temporal change of the geoid. This
might explain the different locations of the subduction related highs in geoid change in the slab and the
tomography driven models.

This leads to the important question, which features are robust? Robust features can be accepted for
Central and South America, where also a rather good agreement between slab and tomography models
is found(Steinberger, 2000). Here all our models show a negative temporal change in the geoid in the
northern segment of the Andean subduction zone and a positive one further south. The same pattern
and magnitude were also found bySteinberger and O’Connell (2002)for a model with different density
anomalies and viscosity profile. In areas of trench rollback, as in the Northeastern (and partly Western)
Pacific, at least the pattern of temporal change of the geoid can be predicted. Especially for the North
American continent a tendency for these trench roll back related stripes can be found. In the central Pacific
and also in central-southern Africa, “superplume” related density changes are very likely and will have
an effect on the geoid change, however, the sign is not obvious.
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The second point to address is the effect of a low viscosity layer at asthenosphere depth. In the slab-based
model the existence of a low viscosity zone (SM3,Fig. 5bottom) has only a minor effect on the temporal
change of the geoid with slightly enhanced anomalies in the western Pacific. For the tomography-based
model the effect of a low viscosity layer is stronger. Anomalies related to plumes as for Hawaii or to
the African and south Pacific superplume are reduced since the low viscosity layer decouples flow from
the deeper mantle and reduces the effect of dynamic topography. Anomalies of shallow origin as for the
section of the Nazca plate with low angle subduction are enhanced.

Since there are no significant differences in the spatial domain for cases with and without a low-viscosity
asthenosphere, which would help to resolve such a layer, we investigated the spectral distribution of energy.
To study this in more detail we have plotted the degree spectrum for all four models (Fig. 9) again, but
now with the actual scale and in comparison to the anticipated degree resolution for the GRACE satellite
mission, assuming a 1 and 5 years mission duration(Kaufmann, 2002; Wahr et al., 1998).

For both density cases we found that the existence of a low viscosity asthenosphere concentrates spectral
energy around degrees 5 or 6. From this we can conclude that in case the spectral energy distribution
could be measured with enough accuracy, indications for such a layer might be detected, which is not
resolvable without considering temporal changes. However, it should be emphasized that our models can
only give a rough estimate of possible geoid changes caused by mantle processes. The density scaling
used for the tomography-based model (Fig. 2, left figure) has been found by fitting the static geoid, which
is dominated by very low degree terms. For these terms a merely radial scaling law seems to be sufficient.
For smaller scale density variations the scaling law varies for different regions (e.g.Deschamps et al.,
2002) depending on the dominance of thermal or chemical effects. This in turn has a strong influence
on the style of upper mantle flow and its temporal variations. Furthermore, a viscosity profile based on a
static geoid fit, only constraints relative viscosity variations with depth, absolute values and hence rate of
change are estimated from postglacial rebound, but are uncertain by a factor of∼1.7(Mitrovica, 1996).
Additionally, lateral variations in viscosity might enhance temporal changes in mantle flow. Under these
considerations our models might give a conservative estimate.

But are these small effects likely to be observed by new satellite technology? The amplitudes of the
temporal change in geoid are not very different for all models and are on the order of 2–4 m/Ma (Figs.
5 and 6). To measure these small changes by satellite observations is certainly a challenge. The GRACE
satellite mission is planned for a time span of 5 years. Over this time interval the predicted maximum
change in geoid due to dynamic processes of the solid Earth is only about 0.02 mm. Comparing our
modeled geoid changes to the expected resolution of the GRACE satellite mission, we find that the
spectral energy of the temporal geoid change is less than the anticipated limits of accuracy for a 5 year
flight duration (Fig. 9). However, the definite accuracy of the GRACE measurements is still a matter
of debate. InFig. 9 we also show two different pre-flight estimates of accuracy for the 1 year flight
duration(Kaufmann, 2002; Wahr et al., 1998), which already have a considerable offset. It should also
be mentioned that the accuracy after more than 1 year of data recovery for GRACE is still more than
one order of magnitude worse than the predicted level (Schwintzer, 2004, personal communication). But
even if the effect would be within the accuracy limits of the satellite observations, the crucial point is,
if this effect can be separated from others, as those due to ocean circulation, redistribution of water and
biological masses, or massive volcanic processes and glacial deloading. However, to have an estimate
about the magnitude of the effects of large scale mantle flow on the temporal change of the geoid and its
spatial distribution, might also put constrains on other models of any contributions to temporal gravity
changes.
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